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Supporting online material (SOM) 

3.6 Materials and method 

3.6.1 Model Setup  

The coupled general circulation model (CGCM) employed is the Community Climate 

System Model version 3 (CCSM3), centered at the National Center for Atmospheric Research 

(NCAR). CCSM3 is a global, coupled ocean–atmosphere–sea ice–land surface climate model 

without flux adjustment [Collins et al., 2006]. All the simulations were performed with 

T31_gx3v5 resolution [Yeager et al., 2006] that includes a dynamic global vegetation module. 

The atmospheric model is the Community Atmospheric Model 3 (CAM3) with 26 hybrid 

coordinate levels in the vertical and ~3.75-degree resolution in the horizontal. The land model 

uses the same resolution as the atmosphere, and each grid box includes a hierarchy of land units, 

soil columns, and plant types. Glaciers, lakes, wetlands, urban areas, and vegetated regions can 

be specified in the land units. The ocean model is the NCAR implementation of the Parallel 

Ocean Program (POP) in vertical z-coordinate with 25 levels. The longitudinal resolution is 3.6-

degrees and the latitudinal resolution is variable, with finer resolution near the equator (~0.9 

degrees). The sea ice model is the NCAR Community Sea Ice Model (CSIM). CSIM is a 

dynamic-thermodynamic model that includes a subgrid-scale ice thickness distribution. The 

resolution of CSIM is identical to that of POP. The preindustrial control simulation reproduces 

the major features of global climate, most notably in the deep ocean [Otto-Bliesner et al., 2006]. 

The Last Glacial Maximum (LGM) CCSM3 simulation has a global cooling of 4.5 °C compared 

to pre-industrial with amplification of this cooling at high latitudes and over continental ice 

sheets [Otto-Bliesner et al., 2006]. The LGM control run also simulates a shoaling of North 
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Atlantic Deep Water and farther northward penetration of Antarctic Bottom Water [Otto-

Bliesner et al., 2007]. A 1,800-year LGM equilibrium simulation was branched off from an 

earlier LGM simulation in order to incorporate the dynamic global vegetation model (DGVM) 

and to reduce the model drift in the deep ocean. The transient simulation was then started at the 

end of the 1,800-year LGM/DGVM equilibrium run with transient orbital parameter starting at 

22 ka (ka: 1,000 years ago). The transient concentrations of the greenhouse gases (CO2, CH4 and 

N2O) were adopted from Joos and Spahni [2008]. The continental ice sheets were modified 

approximately once per 500 years according to the ICE-5G reconstruction [Peltier, 2004]. The 

coastlines at LGM were also taken from the ICE-5G reconstruction, and were modified at 13.1 

ka with the removal of the Fennoscandian ice sheet from the Barents Sea and at 12.9 ka with the 

opening of the Bering Strait. 

3.6.2 Meltwater Scheme 

One of the challenges of last deglacial simulation is the poor knowledge of meltwater 

fluxes from retreating ice sheets. Although sea-level records provide globally integrated 

information on meltwater fluxes, they have relatively large (up to 6 m sea-level equivalent 

volume) uncertainties and do not constrain the location(s) of meltwater discharge to the ocean. In 

our transient simulation, we paid special attention to the meltwater forcing during millennial-

scale events, such as the Bølling-Allerød (BA) warm periods, meltwater pulse 1A (mwp-1A), the 

Younger Dryas (YD) cold event, etc. At each millennial event, we performed several sensitivity 

experiments with the same initial condition, but different meltwater schemes in terms of the 

location and the rate of meltwater discharge. We chose the simulation to continue the transient 

simulation that best matched the proxy records of sea-level rise, Atlantic meridional overturning 
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circulation (AMOC) and Greenland surface air temperature (SAT).  The results shown here are a 

continuation of the DGL-A meltwater scheme in Liu et al. [2009] into the early Holocene (SOM 

Table, figs. S1 and S2).  Meltwater fluxes from the retreating ice sheets were derived from the 

record of sea level rise [Peltier and Fairbanks, 2006; Yokoyama et al., 2000; Clark et al., 2004; 

Bard et al., 2010] and geological indicators of ice-sheet retreat and meltwater discharge [Clark et 

al., 2004; Clark et al., 2002; Licciardi et al., 1999; Clark et al., 2001; Carlson et al., 2007; 

Carlson, 2008; Carlson et al., 2009; Clark et al., 2009; Carlson, 2009; Obbink et al., 2010]. The 

meltwater forcing during mwp-1A includes contributions from the Antarctic (15 m of equivalent 

sea-level volume) and Laurentide (5 m of equivalent sea-level volume) Ice Sheets [Clark et al., 

2002; Carlson, 2009; Bassett et al., 2005]. Any larger (>5 m) Northern Hemisphere contribution 

results in a complete shutdown of AMOC and is inconsistent with proxy records [McManus et 

al., 2004; Stanford et al., 2006; Praetorius et al., 2008], which constrains the northern 

hemisphere’s contribution to be <25 % of the total meltwater pulse volume (~20 m).  We also 

adopted the sequence of freshwater discharge of Carlson et al. [2007] for the Younger Dryas. 

3.6.3 Sensitivity experiments 

Our simulation of the Transient Climate Evolution of the past 21,000 years (TraCE-21K) 

is driven by transient changes in the Earth’s orbit configuration, meltwater discharge, 

atmospheric CO2 and other greenhouse gasses (CH4 and N2O) as well as discrete changes of ice 

sheet and marginal seas. In order to better understand the climate sensitivity to individual climate 

forcing, we performed several sensitivity experiments to estimate the contribution of a single 

transient forcing to TraCE-21K.  
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3.6.3.1	
  TraCE-­‐19ka	
  

This sensitivity experiment was branched off at 19 ka from TraCE-21K and was 

integrated for 300 years with fixed forcing (fig. S3). We use the values at 19 ka for both the 

orbital forcing and greenhouse gas concentration. The discharge of Northern hemisphere 

meltwater (NHMW) in TraCE-19ka goes into the same region as TraCE-21K, but the intensity of 

NHMW in TraCE-19ka is 11 times larger than that in TraCE-21K. 

3.6.3.2	
  TraCE-­‐CO2	
  and	
  TraCE-­‐Orbit	
  

In TraCE-21K, marginal seas were not modified between 17 and 15 ka and the changes 

of the NH ice sheets during these 2,000 years were minimal in this low-resolution version of 

CCSM3. We also applied a constant flux of NHMW to maintain AMOC in the collapsed state 

(Fig. 1, C and D). Thus, the transient climate evolution 17-15ka is attributable to changes in 

Earth’s orbit and greenhouse gases (mainly CO2). Two experiments were performed, each with 

only one of the above transient forcing (fig. S4). Experiment TraCE-CO2 branched off at 17ka 

from TraCE-21K, and was driven only by transient changes in greenhouse gas concentrations 

with all other forcing kept at 17 ka values. TraCE-Orbit is similar to TraCE-CO2 where only 

orbital forcing continues to change after 17 ka with all other forcing kept constant at 17 ka 

values.  
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3.7 Supporting online text 

3.7.1 SH summer duration mainly controlled by deglacial atmospheric CO2 rise   

Huybers and Denton [Huybers and Denton, 2008] proposed that the deglacial warming in 

the Southern Hemisphere (SH) polar region is caused by the deglacial increase of local summer 

duration. Based on one constant insolation threshold throughout the last 350,000 years, the 

calculated SH summer duration has been shown to covary with the Northern Hemisphere (NH) 

insolation intensity, which increased during the last deglaciation and decreased during the 

Holocene.  

In Huybers and Denton [2008], the summer duration is defined as the number of days 

whose diurnal average insolation exceeds certain constant threshold. This constant insolation 

threshold is selected based on the modern day temperature-insolation relationship: the surface 

temperature is near 0oC when the insolation intensity reaches this threshold [Huybers, 2006]. In 

this way, the definition of summer duration is essentially the time interval when the surface 

temperature is above zero, which can be explicitly calculated in our transient simulations. 

However, we find the variability of SH summer duration in our transient simulation exhibits 

different evolution from the calculation in Huybers and Denton [2008]: even though the SH 

summer duration in the polar region increases during the last deglaciation, it keeps at a constant 

level throughout the Holocene (fig. S5 A). We also find the simulated integrated summer energy 

also increases during the last deglaciation, but keeps at a constant level during the Holocene (fig. 

S5 B). 

Here, we argue that it is not valid to use constant insolation threshold in calculating 

summer duration for the past 350,000 years. Instead, the insolation threshold should vary in 
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different climates. For example, 275 W m-2 is used as the threshold for the calculation of the NH 

polar region summer duration based on the modern day temperature-insolation relationship 

[Huybers, 2006]. The correspondence between 0oC surface temperature and 275 W m-2 

insolation is expected to fail at LGM, simply because the temperature is not only determined by 

the local insolation, but also by other factors, such as atmospheric CO2. In fact, our transient 

simulation demonstrates that the insolation threshold increases more than 300% from 60 to 250 

W m-2 at polar regions from the modern climate to the LGM (fig. S5 C).  

We investigate the deglacial evolution of SH summer duration using paired sensitivity 

experiments, one with only CO2 and one with only insolation as the transient forcing (Material 

and Method 3).  The results indicate that the CO2-only transient forcing (blue in Fig. 2 D) 

reproduces much of the summer duration change found in the transient simulation with all 

forcing (red in Fig. 2 D), and the insolation-only forcing plays only the secondary role in 

deglacial increase of SH summer duration (light blue in Fig. 2 D). In addition to CO2 and orbit 

forcing, we also find meltwater discharges also have a significant impact on the SH summer 

duration. For example, the substantial increase of SH summer duration starts ~19 ka due to the 

increase of the SH surface temperature, which itself is caused by the bipolar seesaw response to 

NHMW (Fig. 3 and SOM Text 5-6). On the other hand, the meltwater discharge from Antarctica 

also significantly reduces the SH summer duration during mwp-1A. 

3.7.2 Discrepancies between transient simulation and proxy data 

In the transient simulation of the last deglaciation, there are several major discrepancies 

between the model and proxy data. Notable discrepancies between model and proxy records exist 

in Greenland during YD and early Holocene.  
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It remains a challenge for the climate model to produce Heinrich event 1 (H1)-like YD 

cooling when CO2 has increased by 50 ppmv (parts per million by volume) between H1 and YD 

(Fig. 1 E). For the beginning of the Holocene at 10 ka, the deglacial warming in the transient 

simulation does not reach the Holocene level because the sea level is still rising and considerable 

NHMW from the remaining Laurentide Ice Sheet keeps the AMOC in a weaker state and 

produces lower Greenland SAT than proxy record (Fig. 1 E). Alternatively, the Greenland δ18O-

temperature calibration may not account for changes in precipitation source. Indeed, LeGrande 

and Schmidt [2009] showed a breakdown in the calibration during the early Holocene (i.e. colder 

temperatures but higher δ18O values) due to the rapid thinning and retreat of the Laurentide Ice 

Sheet.  Similarly, Summit Greenland borehole SAT reconstructions show continued warming 

until 8 ka [Dahl-Jensen et al., 1998] while the Greenland δ18O records have relatively constant 

values starting at ~10 ka.  Thus this disagreement may not necessarily be due to model error but 

rather assumptions that go into converting δ18O to temperature with a constant calibration.   

3.7.3 Transient simulation of the ACR  

In Antarctica, a possible discrepancy exists during the ACR when the warming trend was 

interrupted between 14.8-14.2 and 12.9-12.6 ka depending on the ice-core record. Although the 

transient simulation only produces short-lived cooling at the onset of the ACR as a result of the 

mwp-1A contribution from Antarctic, there is a longer plateau in simulated Antarctic SAT driven 

by the resumption of NADW formation as well as the plateau of CO2 levels (Fig. 1 J). This can 

be explicitly demonstrated in one sensitivity experiment (EXP-ACR hereafter) with the default 

transient forcing of insolation and greenhouse gas concentration, but without any meltwater 

discharge from either hemisphere during BA/ACR (fig. S6). The shutdown of NHMW at the 
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onset of the BA induces rapid resumption of the AMOC that causes warming over Greenland 

(fig. S6, A-C). Due to bipolar seesaw, the rapid resumption of the AMOC also initiates the 

cooling trend over the Antarctic (fig. S6 D).  The cooling trend of Antarctic temperature lasts 

~2,000 years during the ACR, presumably due to the long time scale associated with the 

adjustment of global thermohaline circulation. The small reduction of the atmospheric CO2 at the 

latter half of ACR also helps to maintain the cooling trend. Both the AMOC and Antarctic 

temperature during ACR in EXP-ACR have better agreement with the proxy reconstructions; 

however, EXP-ACR fails to simulate the Older Dryas over Greenland.     

In the transient simulation (Fig. 1 J), the abrupt warming of the Antarctic SAT at the end 

of ACR is associated with the lowering of the Antarctic ice sheet in the prescribed ICE-5G 

reconstruction [Peltier, 2004].   

3.7.4 Data-model comparison of the South Pacific SST 

We performed comprehensive data-model comparison for the SST record in the South 

Pacific (fig. S7), and found the model exhibits reasonable climate sensitivity in simulating the 

proxy record through the last deglaciation in Chilean margin, South Australian margin, offshore 

of New Zealand and the Indian sector of the Southern Ocean. Both the model and proxy data 

suggest that deglacial SST warming begins ~19-18 ka in the South Pacific and Southern Ocean. 

3.7.5 Bipolar seesaw plays the dominant role in SH deglacial warming 

In Fig. 2, we demonstrate that the last deglaciation originated in the NH due to its larger 

increase of high-latitude spring-summer insolation, likely initiating the retreat of NH ice sheets 

and the NHWM discharge 20-19 ka. Using a sensitivity experiment with only transient orbital 
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forcing (EXP-Orbit-19ka hereafter), we explicitly demonstrate that the NHMW discharge and 

associated bipolar seesaw [Crowley, 1992] plays a more important role than the local (SH) 

insolation in SH deglacial warming (fig. S8). EXP-Orbit-19ka is a 2,000-year simulation 

between 19 and 17ka with only transient orbital forcing. Since the CO2 record used in this study 

adopted the EDC1 age model [Joos and Spahni, 2008], CO2 does not vary significantly between 

19 and 17ka in the transient simulation. Therefore the major difference between the transient 

simulation and EXP-Orbit-19ka is the NHMW discharge and the associated bipolar seesaw. It is 

readily to see that the NHMW discharge causes the SH mid-high latitude summer temperature to 

increase substantially at the onset of the SH deglaciation ~19ka with bipolar seesaw, which 

amounts to over 1 oC between 19 and 17 ka (red in fig. S8). With only the transient orbital 

forcing in EXP-Orbit-19ka, no significant warming is found in SH mid-high latitude between 19 

and 17 ka. The comparison of the twin experiments with/without bipolar seesaw clearly shows 

the dominant role of bipolar seesaw in SH deglacial warming ~19ka. We note that the ~1 oC 

deglacial warming induced by the bipolar seesaw between 19 and 17 ka is also consistent with 

Antarctic temperature reconstruction (Fig. 1 J).  

3.7.6 Mechanism of the Pacific bipolar-seesaw and deep ocean warming 

In the transient simulation, the early deglacial warming of the surface Southern Ocean is 

induced by the bipolar seesaw associated with NHMW forcing [Crowley, 1992]. The zonal 

average of Atlantic SST shows the Greenland-like millennial variations in the North and 

Antarctic-like deglacial warming in the South (fig. S9). Notably the zonal-average of Pacific 

SST also exhibits the similar feature with Greenland-like millennial variations in the north and 

Antarctic-like warming trend in the south (fig. S10). The North Pacific millennial variations 



 

 

 

129 

were induced by the atmospheric teleconnections with cooling during H1 and YD and with 

warming during BA [Okumura et al., 2009]. As noted in Huang et al. [2000], a slowdown or 

shutoff of the NADW causes the cooling of North Atlantic, but tends to induce warming 

elsewhere via the deepening of the ocean thermocline. The signal is transmitted on decadal to 

centennial time scale from basin to basin through coastal and equatorial Kelvin waves, and is 

carried into interior of the ocean through Rossby waves. Therefore, the early warming in 

Southern and Deep Ocean is due to oceanic teleconnections via wave propagations from Atlantic 

into Pacific through Indian Ocean (fig. S11) [Knutti et al., 2004; Liu and Alexander, 2007]. 

3.7.7 Age uncertainty in CO2 records 

The CO2 record used in this study adopted the EDC1 age model [Joos and Spahni, 2008] 

and the deglacial CO2 rise started at ~17 ka. If GISP2 age model is adopted [Marchitto et al., 

2007; Lemieux-Dudon et al., 2010], the CO2 record during last deglaciation can be shifted by 

~1,000 years earlier, which suggests deglacial CO2 rise started at ~18 ka. In the transient 

simulation, the simulated deglacial warming in the Southern Ocean and Antarctic starts at 19 ka 

and leads the tropical warming by 2,000 years with the CO2 forcing on the EDC1 age model, or 

by 1,000 years with a CO2 forcing on the GISP2 age model. Therefore, our conclusion about the 

lead-lag relationship between SH and equatorial Pacific does not change if we adopt the GISP2 

age model for the CO2 record. 
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SOM table 

 Location of the meltwater forcing in the transient simulation 

 

Location Longitude Latitude 

North Atlantic 80oW ~ 20oE 50oN ~ 70oN 

Mackenzie river 210oE ~ 240oE 65oN ~ 75oN 

Nordic Sea 15oW ~ 30oE 55oN ~ 75oN 

St. Lawrence River 270oE ~ 310oE 38oN ~ 60oN 

Gulf of Mexico 255oE ~ 280oE 15oN ~ 33oN 

Ross Sea 140oE ~ 220oE 60oS ~ 80oS 

Weddell Sea 70oW ~ 30oE 60oS ~ 80oS 

Hudson Strait 280oE ~ 312oE 55oN ~ 70oN 

Arctic 200oE ~ 275oE 70oN ~ 76oN 

Barents Sea 25oE ~ 55oE 65oN ~ 80oN 

North Sea 0oE ~ 12oE 45oN ~ 62oN 
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SOM figures 

 

Figure S1: Meltwater forcing in the transient simulation in m/kyr (meters of global sea level rise 
in 1,000 years). (A) Total meltwater forcing from northern hemisphere, which includes the 
meltwater discharge into (B) North Atlantic between 50o N and 70o N, (C) St. Lawrence River, 
(D) Gulf of Mexico, (E) Mackenzie River, (F) North Sea, (G) Hudson Strait, (H) Barents Sea, 
(I) Arctic and (J) Nordic Sea. (K) Total meltwater forcing from southern hemisphere, which 
includes the meltwater discharge into (L) Weddell Sea and (M) Ross Sea.  Refer SOM table 1 
and fig. S2 for the exact location of meltwater discharge. 
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Figure S2: Location of meltwater discharge in the transient simulation: Arctic (blue shading), 
Mackenzie River (pink shading), Barents Sea (orange shading), Gulf of Mexico (red shading), 
North Sea (dark red shading), Nordic Sea (hollow green), North Atlantic between 50o N and 70o 

N (hollow blue), Hudson Strait (hollow dark green), St. Lawrence River (hollow black), Weddell 
Sea (yellow shading) and Ross Sea (gray shading). 
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Figure S3: Response of the Southern Ocean and equatorial Pacific to the NHMW. (A) NHMW 
fluxes in transient simulation (light blue shading) and sensitivity experiment TraCE-19ka (light 
yellow shading). (B) Changes of zonal average SSTs in the Southern Ocean (45oS, blue) and 
equatorial Pacific (red) in the transient simulation (light blue shading) and TraCE-19ka (light 
yellow shading). All model variables are anomalies in 10-year averages with reference to the 
average value between 20 and 19ka. (C) Same as (B), but for deep ocean temperatures at 2300 
m.  
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Figure S4: Attribution of deglacial warming of the equatorial Pacific to deglacial CO2 rise. (A) 
Atmospheric CO2 concentration (blue) [Joos and Spahni, 2008] and changes of annual average 
insolation at equator (green) [Berger, 1978]. (B) Changes of Zonal average SSTs of equatorial 
Pacific in transient simulation TraCE-21K (red) and twin sensitivity experiments TraCE-Orbit 
(green) and TraCE-CO2 (blue). All model variables are anomalies in 10 year averages with 
reference to the average value between 20 and 19ka. Since TraCE-CO2 produces the majority 
warming of equatorial Pacific in TraCE-21K between 17-15ka, the deglacial warming of 
equatorial Pacific in TraCE-21K is mostly caused by the transient CO2 forcing.  
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Figure S5: The evolution of the insolation threshold for the summer durations in the transient 
simulation. (A) Summer duration at 55oS. (B) Integrated summer energy at 55oS. (C) Insolation 
threshold for 55oS at the end of the summer. 
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Figure S6: The transient simulation of the ACR in EXP-ACR. (A) Atmospheric CO2 
concentration (blue) [Joos and Spahni, 2008] and NHMW (green) in the sensitivity experiment. 
(B) AMOC in the sensitivity experiment (red), superimposed by AMOC reconstructions (black 
and green) [McManus et al., 2004]. (C) Greenland SAT based on GISP2 δ18O reconstruction 
with borehole temperature calibration (black) and in the sensitivity experiment (red, model offset 
by −4.5°C). (D) Antarctic SAT from Dome C δD reconstruction (black) and model (red).  
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Figure S7: Data-model comparison for SST in South Pacific. (A) SST from South Australian 
margin [Calvo et al., 2007] and model (offset by 3°C). (B) SST from Chilean margin [Kaiser et 
al., 2005] and model (offset by 3°C). (C) SST from East New Zealand margin [Pahnke and 
Sachs, 2006] and model (offset by 1°C). (D) SST from Southeast New Zealand margin [Pahnke 
and Sachs, 2006] and model (offset by 3.5°C). (E) SST from Indian sector of the Southern Ocean 
[Rickaby and Elderfield, 1999] and model (offset by 0.7°C). Overall, model simulations are in 
good agreement with the proxy records.  
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Figure S8: The dominant role of bipolar seesaw at the onset of SH deglacial warming. The 
transient simulation with bipolar seesaw (all forcing) is shown in red, and the transient 
simulation without bipolar seesaw (orbit-only forcing) is shown in blue. It is readily to see that 
the NHMW discharge causes the SH mid-high latitude summer temperature to increase 
substantially at the onset of the SH deglaciation ~19ka with bipolar seesaw. All data are plotted 
in 10 year running averages. 
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Figure S9: Simulated zonal-average SST at various latitudes in Atlantic Ocean during last 
deglaciation. (A) June 21st insolation at 60°N (green) [Berger, 1978] and atmospheric CO2 
concentration (red) [Joos and Spahni, 2008]. (B) NHMW fluxes in the model. (C) Simulated 
zonal-average SSTs at various latitudes in the North Atlantic Ocean (red), South Atlantic and 
Southern Ocean (blue). The zonal-average of Antarctic SAT at 85oS is also plotted in blue. The 
bipolar seesaw can be identified between 19 and H1 (~17ka) when the cooling occurs in the 
North Atlantic Ocean and the warming occurs in the south.  
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Figure S10: Same as fig. S9, but for Pacific Ocean. Again, the “Pacific bipolar seesaw” can be 
identified between 19 and H1 (~17ka) when the cooling occurs in the North Pacific Ocean and 
the warming occurs in the south. 
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Figure S11: Simulated zonal-average warming of the world oceans during last deglaciation 
(21~10ka): (A) Global Ocean. (B) Pacific Ocean. (C) Indian Ocean (D) Atlantic Ocean. The 
warming in Arctic Ocean can be seen in the NH polar region in (A). 
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Figure S12: Two-stage deglacial changes in transient simulation and proxy data. The vertically 
average global ocean temperature (blue) and SH sea ice (green) are from transient simulation, 
and the atmospheric CO2 concentration (red) are from the Dome C ice core [Joos and Spahni, 
2008]. All the time series are normalized by their total deglacial changes from 22 to 7.5 ka, 
respectively. The black line delineates the level of two thirds (66.7%). It is notable that both the 
ocean temperature increase and SH sea ice retreat occur in two stages in the transient simulation, 
with two thirds of the deglacial changes occurring approximately before BA/ACR and another 
one third occurring between YD and Holocene. A similar two-stage change also occurred in 
deglacial atmospheric CO2 rise. 
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Chapter	
  4	
  	
  	
  Abrupt	
  Climate	
  Change	
  Triggered	
  by	
  Norwegian	
  Sea	
  
Convections	
  

4.1 Introduction 

In the IPCC AR4 report the warming at the end of 21st century is projected as between 

two and four degree Celsius, depending on the different scenarios of future carbon emissions 

[Solomon et al., 2007]. However, this statement is based on the equilibrium sensitivity, and the 

climate system is likely to exhibit unexpected climate changes through the transient and 

nonlinear dynamics, especially in the polar region. During the last deglaciation (21,000 to 10,000 

years ago), several millennial climatic events with temperature shifts of 10 oC or more 

punctuated the overall warming trend as recorded in both the Greenland ice core and ocean 

sediments in the North Atlantic Ocean [Cuffey and Clow, 1997; Waelbroeck et al., 1998; Bard et 

al., 2000]. The close relationship between the proxy data from the ice cores and the ocean 

sediment has been suggested to be caused by the variability of the Atlantic meridional 

overturning circulation (AMOC) [Broecker, 1985; Rahmstorf, 1995]. Recent reconstruction of 

AMOC via Pa/Th provides further evidence that the variability of AMOC plays a critical role in 

modulating the millennial climate events during the last deglaciation [McManus et al., 2004]. 

Furthermore, regional abrupt climate changes are more likely to occur on even shorter time scale. 

For example, Lehman and Keigwin [1992] (LK92 thereafter) documented abrupt warming of Sea 

Surface Temperature (SST) and Surface Air Temperature (SAT) in less than 40 years in the 

Norwegian Sea during the last deglaciation, and they suspected that the abrupt warming was 

caused by the sudden deep water formation in the Norwegian Sea, which drew the Atlantic water 

into the Norwegian basin for the first time during the last deglaciation.  
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As stated in Alley et al. [2002], an abrupt climate change occurs when the climate system 

is forced to transition to a new state at a rate that is determined by the climate system itself, and 

which is more rapid than the rate of change of the external forcing. This statement emphasizes 

the importance of the nonlinearity and the transient climate response in the abrupt climate 

change: the abrupt climate changes develop more rapidly than the external forcing. In order to 

provide more accurate projection in the future, we need to demonstrate that the IPCC-type global 

climate models (GCMs) not only have the correct climate sensitivity to greenhouse gases, but 

also have the capability of simulating abrupt climate changes in the past. For this reason, the 

reasonable simulation of the abrupt climate change event in LK92 becomes one of the 

prerequisites for the current and future generation of GCMs to make faithful climate projections. 

4.2 Model setup and boundary condition  

 Using low resolution of the NCAR-CCSM3 [Yeager et al., 2006], we have completed the 

first synchronously coupled atmosphere-ocean general circulation model simulation of the 

transient evolution of global climate of the last 21,000 years (TraCE-21K). Our simulation 

reproduces the timing, structure and amplitude of the major deglacial climate changes 

reconstructed from proxy records in Greenland, Antarctica, the tropical Pacific Ocean, the 

Southern Ocean, and the deep Pacific Ocean, suggesting that our model exhibits reasonable 

climate sensitivity in those regions. Since the first inflow of the Atlantic water to the Norwegian 

Sea occurred between Heinrich event 1 (H1) ~17 ka and Bølling-Allerød (BA) warming ~14.5 ka 

[Slubowska et al., 2005], we performed the 2,800-year transient simulation from 17.0 to 14.2 ka 

(TraCE-Abrupt thereafter) to test the capability of NCAR-CCSM3 in simulating the abrupt 

warming of the Norwegian Sea under slow changes of external forcing.  
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In TraCE-21K, the H1 cooling is caused by the collapse of the AMOC with 15 m kyr-1 

North Hemisphere meltwater (NHMW) discharge into the 50-70o N of North Atlantic Ocean and 

5 m kyr-1 NHMW discharge into Gulf of Mexico [Liu et al., 2009]. Starting from H1, TraCE-

Abrupt was forced by smooth changes in insolation [Berger, 1978] and atmospheric greenhouse 

gas concentrations [Joos and Spahni, 2008] (Fig. 1 A). In order to ensure slow changes of 

external forcing for TraCE-Abrupt, we linearly decreased NHMW from 20 m kyr1 to 0 in 2,800 

years from 17.0 to 14.2 ka (Fig. 1 B and C). We also kept the continental ice-sheet orography 

and extent at its H1 condition.  

4.3 Abrupt onset of the Norwegian Sea warming  

In TraCE-Abrupt, even though the reduction of NHMW is linear (Fig. 1 C), the response 

of AMOC to the ramped forcing exhibits nonlinearity (Fig. 1 D and Fig. 2). AMOC starts to 

increase slowly to 6 Sv (1 Sv = 106 m3 s-1) as NHMW drops from 20 to 10 m kyr-1, then AMOC 

increases more rapidly to 10 Sv as NHMW drops from 10 to 6 m kyr-1. When NHMW drops 

from 6 to 3.0 m kyr-1, AMOC increases slowly from 10 to 11.5 Sv. Just before NHMW zeroes 

out, there is a rapid 5.5 Sv increase of AMOC from 11.5 Sv to 17 Sv when NHMW drops from 3 

m kyr-1 to 0. The modeled GISP2 temperature closely follows the change of AMOC and exhibits 

a similar nonlinear variability under the linear reduction of NHMW (Fig. 1 E and Fig. 3). There 

is also a rapid 4.5 oC increase of SAT over Summit Greenland when NHMW drops from 3 m/kyr 

to 0. Even though TraCE-Abrupt fails to simulate the abrupt resumption of Greenland SAT as 

reconstructed from oxygen isotopes in Greenland ice cores, the modeled Summit Greenland 

temperature increases by 16 oC from -45 to -29 oC from the H1 to the onset of the BA (Fig. 3), 
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exhibiting excellent agreement with the amplitude of the SAT increase from the ice core 

reconstructions [Cuffey and Clow, 1997]. 

Associated with the rapid resumption of AMOC in TraCE-Abrupt ~14.5ka, the SAT in 

the Norwegian Sea shoots up from -10 oC to above freezing in just four decades (Fig. 1 F). The 

extent of the ~10 oC abrupt warming is mostly confined in the Norwegian Sea, and up to 3 oC 

warming also occurs in Greenland and Northwest Europe (Fig. 4 A). The SST in the Norwegian 

Sea also exhibits abrupt 3 oC increase from near -1 oC to 2 oC in ~40 years (Fig. 1 G). This is the 

first time in TraCE-Abrupt that the Norwegian Sea has experienced above zero surface 

temperature since the LGM and it marks the onset of the deglaciation in this region.  

The abrupt warming in the Norwegian Sea is indeed associated with the deep water 

formation and the Atlantic inflow, as was suggested by LK92. The maximum mix layer depth, an 

indicator of the deep water formation, remains around 50 m for 7500 years since 22ka before 

abruptly deepens by more than 350 m in the Norwegian Sea in ~40 years ~14.5ka (Fig. 1 J and 

Fig. 4 C). The deep water formation induces anticlockwise circulation in the Nordic Sea basin 

(Fig. 4 D) and draws the North Atlantic water into the Norwegian basin, with the speed of 

Norwegian current almost tripled within ~40 years (Fig. 1 H). With the inflow of the warmer and 

saltier Atlantic water, the sea ice concentration in Norwegian basin abruptly reduces from 60% 

to 10% in ~40 years (Fig. 1 I and Fig. 4 B). After the sea ice opens, massive heat fluxes (Fig. 5 

A) with maximum value above 100 W m-2 are transferred from the ocean into the atmosphere, 

resulting in the abrupt SAT increase. These heat fluxes are mainly from the sensible and latent 

heat fluxes (Fig. 5 B-D) as a result of the sudden opening of the sea ice in the Norwegian Sea. 
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The upward heat fluxes exclude any scenarios that the atmosphere dynamics accounts for the 

abrupt climate change. 

4.4 Norwegian Sea stability as the threshold for the regional abrupt climate change 

The spontaneous abrupt change with the slow changes of external forcing is often 

explained with the scenario that the system exceeds certain threshold [Lenton et al., 2008]. 

Therefore, the search for the specific threshold and the investigation of the associated physical 

mechanism are crucial for the potential projections of abrupt climate changes. It was 

hypothesized in LK92 and also clearly demonstrated in the transient simulation that the deep 

water formation in the Norwegian Sea is one of the crucial physical processes for the ~40-year 

abrupt warming in the Norwegian Sea. However, it is still unclear what triggers the convections 

in the Norwegian Sea, what sets the threshold for this event and whether this abrupt climate 

change event can be projected several years in advance. 

 The ocean convections can often be induced by the relatively unstable vertical density 

profiles, where the density of the water in the upper layer is larger than that below it. In TraCE-

Abrupt, with the linear reduction of NHMW discharge in Gulf of Mexico and 50-70o N of North 

Atlantic, the Norwegian Sea density starts to recover (Fig. 6). In addition, the density recovery is 

much faster on the upper layers than the lower layers because the fresh meltwater has the 

tendency to spread in the upper layer of the ocean. As a result, the stability in the Norwegian Sea 

becomes progressively weaker in TraCE-Abrupt and becomes marginally unstable at ~14.5ka 

between 250 and 700 m (Fig. 1 K and Fig. 6), 300 years before the NHMW zeros out. The 

marginally unstable density profile quickly initiates the convections and induces the ~10 oC 

abrupt warming event in the Norwegian Sea. In summary, our transient simulation suggests that 
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the abrupt Norwegian Sea warming event documented in LK92 can be triggered by the density 

instability in the subsurface ocean (Fig. 1 J and K). Because the stability of the Norwegian Sea is 

reduced relatively linearly under the slow change of the external forcing, the long term 

observations of the density structure in this region can give a reasonable projection several years 

before it becomes relatively unstable and sets off to initiate the ocean convections.   

4.5 Conclusion 

Our 2,800-year transient simulation with smooth changes of external forcing reproduces 

the 40-year Norwegian Sea abrupt warming event documented by LK92, suggesting that CCSM3 

is capable of simulating abrupt climate changes. This abrupt warming is triggered by the sudden 

switch–on of the Norwegian Sea deep water formation that results in strong inflow of North 

Atlantic water and rapid opening of the sea ice in the Norwegian basin. The timing of the abrupt 

warming can be estimated by projecting when the subsurface water density profile reaches the 

threshold of the marginal instability. Our study suggests that long term observations of density 

profiles in the Arctic and West Antarctic are vital for projections of the potential abrupt climate 

events in the future.  
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Figures 

 

Figure 1. Transient 
simulation of the abrupt 
climate change in the 
Norwegian Sea. (A) June 
21st insolation at 60° N 
(purple) [Berger, 1978] and 
atmospheric CO2 
concentration (green) [Joos 
and Spahni, 2008]. (B) 
Eustatic sea level. (C) 
NHMW fluxes. (D) 
Maximum AMOC transport 
(below 500 m). Sv, 
Sverdrup (1 Sverdrup = 106 
m3 s-1). (E) Greenland SAT. 
F-G, Area average of the 
Norwegian Sea SAT (F) 
and SST (G). (H) Speed of 
Norwegian Current. I-K, 
Area average of the 
Norwegian Sea sea ice 
concentration (I), maximum 
mix layer depth (J) and 
density stability (K, dρ/dz at 
300 m depth, negative 
means stable). BP, before 
present. All data are shown 
in decadal mean averages. 
The five circles denote the 
data between 14.53  and 
14.49 ka. 
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Figure 2. The co-variability between AMOC and NHMW flux in the transient simulation. Each 
dot represents 100-year running mean. Blue line is for the early part with the increase of the 
NHMW in the transient simulation and purple line for the latter part with the reduction of the 
NHMW in TraCE-Abrupt.  
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Figure 3. Same as Figure 2, but for the co-variability between Summit Greenland SAT and 
NHMW.  
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Figure 4. The abrupt climate change in the Norwegian Sea in the transient simulation between 
14.53 and 14.49 ka. (A) SAT. (B) Sea ice concentration. (C) Maximum mix layer depth. (D) 
Subsurface ocean current at 350 m depth.  
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Figure 5. Same as Figure 4, but for surface heat flux (positive means out of the ocean and land). 
(A) Total surface heat flux. (B) Surface sensible heat flux. (C) Surface latent heat flux. (D) Net 
longwave heat flux at surface. (E) Net shortwave heat flux at surface. 
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Figure 6.  Evolution of the area average of the potential density in the Norwegian Sea at 100 m 
(black), 150 m (blue), 250 m (yellow), 350 m (dark red), 500 m (orange) and 700 m (red).   
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Chapter	
  5	
  	
  	
  Summary	
  and	
  Concluding	
  Remarks	
  

5.1 Summary 

 The transient climate evolution of last Ice-Age termination (21,000 to 10,000 years ago) 

provides key observations for constraining the climate sensitivity and enhancing the 

understanding of global carbon cycle. In this dissertation, I presented the first complete 

synchronously coupled atmosphere-ocean general circulation model simulation of the last 

deglaciation using NCAR-CCSM3. The transient simulation reproduces many major features of 

the deglacial climate evolution in Greenland, Antarctic, tropical Pacific, Southern and Deep 

Ocean, suggesting that NCAR-CCSM3 exhibits reasonable climate sensitivity in those regions 

and is capable of simulating abrupt climate change.  

In Chapter 1, I described the transient climate evolution of last deglaciation in light of 

updated or new proxy data reconstructions during the last decade, focusing on the deglacial 

history of polar temperatures and its potential drivers, such as insolation, CO2, ice sheet and 

ocean circulation. The updated proxy reconstructions show more clearly than before the close 

relationship between the ice cores and the ocean sediment reconstructions: the cooling of the 

Summit Greenland during OD and YD coincides with the slowdown of the AMOC; the warming 

of the Summit Greenland during BA and YD/Holocene transition coincides with the 

strengthening of the AMOC. The short synthesis of proxy data corroborates the notion that the 

variability of AMOC plays a critical role in modulating the millennial climate events during the 

last deglaciation [Broecker, 1985; McManus et al., 2004]. This provides a more concrete basis 
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for the possibility of conducting the simulation of the last deglaciation with the transient forcing 

of the AMOC, greenhouse gas concentration and the earth's orbital parameters.  

After three years of number crunching between 2007 and 2010, I have completed the first 

transient simulation of the last 21,000 years (TraCE-21K) using a synchronously coupled 

atmosphere-ocean general circulation model (NCAR-CCSM3), thanks to the great advice from 

TraCE-21K team and the massive computational allocations at the National Center for 

Computational Science from the Department of Energy’s INCITE program. TraCE-21K 

produces ~200,000 gigabytes of model output from both the 21,000-year control simulation and 

~300 sensitivity runs. All of the simulations have been analyzed with the help of the NCAR 

component post processing utilities, which produced detailed diagnostics of the transient 

evolution of the atmosphere, ocean, sea ice and vegetation in the model.   

In Chapter 2, I documented in great detail the transient simulation of the last 

deglaciation, focusing on the rates and locations of meltwater discharge. Given its significant 

climatic impact, large uncertainties of meltwater discharge during the last deglaciation represent 

the major challenge for this transient simulation. Another large uncertainty involves the timing of 

the Bering Strait opening, which controls the freshwater exchanges between the Pacific, Arctic 

and Nordic Sea, and has significant impact on the AMOC as well. All the other transient forcing, 

such as the change of the insolation and greenhouse gases, are fairly accurate. In this regard, the 

transient simulation of the last deglaciation depends heavily on which scheme of meltwater 

discharge is adopted. Therefore, one of the major products from the TraCE-21K project is the 

derivation of one reasonable scheme of the meltwater discharges for the last deglaciation.  
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Another major product from the TraCE-21K project is the transient simulation of the 

surface temperature and precipitation of the last 21,000 years. With the data-model comparison 

approach, the surface temperature simulation can potentially provide more accurate estimate of 

the climate sensitivity to changes of insolation, greenhouse gases and ocean circulation.  

The successful simulation of the onset of Bølling-Allerød (BA) warming demonstrates 

the excellent climate sensitivity of NCAR-CCSM3 to changes of AMOC [Liu et al., 2009]. The 

complete simulation of the climate evolution of the last 21,000 years further demonstrates that 

the NCAR-CCSM3 exhibits excellent regional climate sensitivity to changes of greenhouse 

gases. For example, the transient simulation of the last 21,000 years successfully reproduces the 

paleoclimatic reconstructions of the ~12 oC deglacial warming over Summit Greenland, 2~3 oC 

deglacial warming over Tropical Pacific, 9~11 oC deglacial warming over Antarctic and 2~3 oC 

deglacial warming at 3000 m depth of the Pacific Ocean. In addition, the transient simulation of 

the precipitation in southeastern China also reproduces the relatively dryer condition during OD 

and YD and relatively wetter condition during BA and YD/Holocene transition (Fig. 1). Because 

the transient simulation of the last 21,000 years adopted the default parameterizations in NCAR-

CCSM3, the excellent sensitivity of NCAR-CCSM3 to greenhouses provides more confidence to 

its projection of future global temperature change in the IPCC Fourth Assessment Report 

[Solomon et al., 2007]. 

The transient simulation of the climate evolution of last 21,000 years provides us with a 

great tool for the evaluation of various hypotheses on glacial-interglacial transitions, deglacial 

carbon cycles, the termination of the African Humid Period, etc. In chapter 3, I provided 

quantitative evaluation of the prominent hypotheses of late Quaternary ice-age cycles 
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[Milankovitch, 1941; Stott et al., 2007; Huybers and Denton, 2008; Timmerman et al., 2009]. 

Using synchronously coupled atmosphere-ocean-dynamic vegetation general circulation model, I 

found that the Milankovitch theory not only survived another round of tests from the updated 

proxy data, but also survived the new test from the first transient simulation of the last 

deglaciation. The transient simulation supports the Milankovitch theory that the last deglaciation 

is triggered by the enhanced spring-summer insolation locally in the Northern Hemisphere. 

Northern Hemisphere glacial meltwater is able to induce the early deglacial warming of the 

Southern and Deep Ocean, and accounts for the lead-lag relationship among the Southern Ocean, 

tropical Pacific and Northern Hemisphere observed during the last Ice-Age termination. 

Furthermore, by inducing deep ocean warming and Southern Ocean sea ice retreat, Northern 

Hemisphere glacial meltwater likely plays an active role in deglacial CO2 rise and gives an 

explanation for the associations between Heinrich events and atmospheric CO2 rise.  

In chapter 4, I demonstrated that NCAR-CCSM3 is capable of simulating the 

spontaneous abrupt climate change with smooth changes of external forcing [Alley et al., 2002]. 

NCAR-CCSM3 reproduces the 40-year Norwegian Sea abrupt warming event during the last 

deglaciation with the exact mechanism proposed by Lehman and Keigwin [1992]. This abrupt 

warming is triggered by the sudden switch–on of the Norwegian Sea deep water formation that 

results in the strong inflow of North Atlantic water and the rapid opening of the sea ice in the 

Norwegian basin. The timing of the abrupt warming can be estimated by projecting when the 

smooth changes of the subsurface water density profile reach the threshold of the marginal 

instability. 
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5.2 Concluding remarks 

Before concluding, I want to draw your attention again to the meltwater discharge, the 

major challenge in TraCE-21K project. Even with the consideration of the 5 m uncertainty in the 

sea level record, there are still large discrepancies in deglacial sea level rise between the transient 

simulation and proxy data (Fig. 2).  

In fact, the data-model discrepancies result from the disagreement between the 

reconstructions of surface temperature around the North Atlantic Ocean and the relative sea 

level. With the associated northward heat transport, the slowdown of the AMOC has been 

suggested to be responsible for the cooling around the North Atlantic Ocean during OD and YD 

[Broecker et al., 1985; McManus et al., 2004], and the acceleration of the AMOC should account 

for the warming around the North Atlantic Ocean during BA and YD/Holocene transition. In this 

regard, the cold periods of the North Atlantic Ocean during OD and YD should witness more 

meltwater discharge and sea level rise, while the warm periods around North Atlantic Ocean 

during BA and YD/Holocene transition should witness less meltwater discharge and sea level 

rise. However, the relative sea level data shows just the opposite, with less sea level rise within 

OD and YD, and more sea level rise during BA and YD/Holocene transition. In fact, this 

inconsistency between North Atlantic temperature and sea level rise during BA is one of the 

reasons behind the Antarctic origin of the meltwater pulse 1A [Clark et al. 1996]. However, it is 

still unclear what is responsible for the inconsistency between North Atlantic temperature and 

sea level rise during OD, YD and early Holocene, which results in the discrepancy in the sea 

level rise between the data and the transient simulation in those periods (Fig. 2).     
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One of the possible explanations for the data-model discrepancy in deglacial sea level rise is 

that the relative sea level data do not indicate the eustatic (global) sea level rise from meltwater 

discharge due to the local glacial isostatic adjustment [Lambeck and Chappell, 2001]. The 

eustatic sea level rise, i.e., the estimate of the sea level rise from the meltwater discharge, has 

been estimated to be 130-140 m during the last deglaciation [Yokoyama et al., 2000, Lambeck 

and Chappell, 2001, Clark and Mix, 2002]. This is consistent with 135 m eustatic sea level from 

the meltwater discharge in the transient simulation. 

To conclude, I’m looking forward to the data assimilation of the last deglaciation with 

coupled ice sheet model and carbon cycle model, which will give the ultimate test of the 

Milankovitch theory and provide the more convincing answers for the future climate change on 

our planet.   
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 Figure 1: Data-model comparison for several benchmark time series. (A) Greenland surface air 
temperature based on Greenland Ice Sheet Project 2 (GISP2) δ18O reconstruction with borehole 
temperature calibration [Cuffey and Clow, 1997] and in the model (model offset by −4.5°C). (B) 
δ18O of Hulu Cave stalagmites [Wang et al., 2001] and southeastern China (32o N and 110o E) 
precipitation in the model. (C) SST in the west pacific warm pool from reconstruction (core 
MD98-2176) [Stott et al., 2007] and in the model (model offset by -0.4°C). (D) Deep ocean 
temperature in eastern equatorial Pacific from reconstruction [Martin et al., 2005] and in the 
model (model offset by 2.5°C). (E) Antarctic SAT based on Dome C δD reconstruction [Jouzel 
et al., 2007] and in the model. Black is used for the reconstructions, and red for transient 
simulation. All model variables are shown in 10-year averages. Overall, model simulations are in 
good agreement with the proxy records. BP, before present. 
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Figure 2: Relative sea level from the reconstructions and eustatic sea level in the model (orange). 
Sea level data are from Bonaparte Gulf (green) [Yokoyama et al., 2000], Sunda Shelf (black) 
[Hanebuth et al., 2000], Barbados (red) [Peltier and Fairbanks, 2006], Tahiti (blue) [Bard et al., 
1996] and New Guinea (dark red) [Cutler et al., 2003]. The half-pluses represent the 5 m depth 
uncertainty of the relative sea level records.  

 

 


